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What is a monsoon low pressure system?

• Vortex embedded in larger scale 
monsoon	


• Diameter ~ 2000 km, moderate 
winds, abundant precipitation	


• Transit and even form over land	


• Observed in northern and 
southern Indian Ocean, western 
Pacific

storm track

daily TRMM 3B42.v7 precip (colors, mm)	

ECMWF YOTC 850 hPa wind (vectors)	


Sept. 16, 2008 (JTWC TS TWO)
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Figure 2. a) Color shading shows the number of genesis points per square degree (roughly 12,000 km2) per summer season (June-Sept.), after smoothing with a Gaussian
filter. Vectors show the average propagation speed of MDs and are coarsened to a 2 ⇥ 2� grid for clarity; vectors are shown only if the mean zonal or meridional propagation
speed at each grid point is statistically significant at the 5% level by a two-tailed t-test. b) June-Sept. climatological mean vertical shear vector, defined as the 200 hPa -
850 hPa horizontal wind.

Given that the vector vertical wind shear (defined as the 200
hPa wind minus the 850 hPa wind) exhibits a smaller spatial
variability and points to the northwest almost nowhere in the
domain (Fig. 2b), the distribution of propagation vectors seems
inconsistent with the idea that MD propagation is primarily
controlled by quasigeostrophic ascent downshear of the vortex
center. However, time or vertical variations in the shear vector
could allow for different directions of propagation than might be
inferred from this seasonal mean 200-850 hPa shear. Alternatively,
other terms in the vorticity budget could produce storm motion
substantially different from that due to downshear stretching
alone; this would necessitate a different interpretation of the
propagation mechanism but might still be thought of as low-level,
quasigeostrophic control of storm motion. To resolve these and
related issues, we next examine in detail the dynamics of the low-
level vorticity maximum.

3.2. The relevance of low-level vortex stretching

The composite mean Indian MD consists of a column of positive
relative vorticity that has peak amplitude in the lower troposphere
and is contained almost entirely within the layer of climatological
mean eastward wind (Fig. 3). The zonal wind shown in Fig. 3 is
a storm-centered climatology obtained by sampling a daily zonal
wind climatology centered on each track position and then, as is
standard here, averaging first over all times in the middle third
of each storm’s track and then over all storms. This composite
confirms that the observed northwestward propagation is upstream
of the climatological mean flow in which the relative vorticity
structure is embedded.

Multiple studies have argued that quasigeostrophic lifting
downshear (i.e. west) of the low-level vortex center produces
vortex stretching that shifts the vortex to the west, as discussed
in the Introduction. However, the question of whether the
asymmetric distribution of ! about the vortex center can be
explained by quasigeostrophic lifting has been examined only in
individual case studies (e.g. Rao and Rajamani 1970; Daggupaty
and Sikka 1977; Saha and Chang 1983; Sanders 1984). Here we
examine the dynamics responsible for the horizontal distribution
of ! by using the full quasigeostrophic omega equation,
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Figure 3. The composite mean vertical component of relative vorticity (colors
shading, interval .1 ⇥ 10�4 s�1) and climatological mean zonal wind (contours,
interval 2 m s�1, dashed negative and zero contour in bold). The climatological
wind is a composite mean climatology relative to the storm center, as described in
the Methods section.
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where � = ⇢�1@p ln ✓, � is the meridional gradient of the Coriolis
parameter, and R is the gas constant. This is the so-called Q-vector
form given by Hoskins et al. (1978) and Bluestein (1992) and
includes terms associated with deformation and the gradient of the
Coriolis parameter that were omitted in (1). Instead of computing
Q and then its divergence, we use an approximate form of r ·Q
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Here ⇣ is the vertical component of relative vorticity,  is the
streamfunction of the horizontal wind, T is temperature, and all
horizontal derivatives are computed in spherical coordinates. This
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Indian monsoon depressions have	

well-known genesis and propagation characteristics

number per 
square degree 
per summer
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Cold-core cyclonic vortices
Indian monsoon depression composite mean 

anomalies of potential temperature (colors, K) and 
zonal wind (contours, m/s)
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Fig. 2:  Comparison of vertical structures of depression-strength vortices in three different monsoon 
regions.  Top panels are for the Indian region, middle panels for the southwestern Indian Ocean, and 
bottom panels for the northern Australian region.  Left column shows latitude-height profiles of potential 
temperature anomalies (color shading, in K) and zonal wind (contours, dashed negative, in m/s).  Right 
column shows longitude-height profiles of potential vorticity (colors, in PVU) and meridional wind 
(contours, dashed negative, in m/s).  All quantities are storm-centered composite means.  Note that 
depressions in all regions have a low-level cold core; they also have a deep column of potential vorticity 
extending to the upper troposphere, even though winds and relative vorticity peaks in the lower 
troposphere. 
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Why are monsoon low pressure	

 systems important?

• Produce about half the rainfall of much of 
monsoonal India,  Australia	


• Precursors for many tropical cyclones	


• Create intense floods



Pakistan floods 
July/August 2010 
!
related to depression 
from Bay of Bengal 
!
about 2000 dead, 
$10-30 billion loss 
(Aon Benfield disaster report)

 

Impact Forecasting | Pakistan Flood Event Recap Report | Proprietary & Confidential 10 

Appendix D 

Satellite Photos of Indus River Before and After the Flood Event 

Satellite image of the Indus River on August 17, 2010 (Source: NASA) 

Satellite image of the Indus River on August 18, 2009 (Source: NASA) 

NASA MODIS images

August 18, 2009

August 17, 2010

25 km



Previous theory

• Growth:  Like mid-latitude weather systems, 
monsoon depressions thought to obtain energy 
from equator-to-pole temperature gradient	

• Shukla 1977 & 1978, Goswami 1980, Mak 1983, Moorthi & Arakawa 1985	


!

• Propagation:  westward propagation thought to 
be controlled by low-level dynamics	


• Rao and Rajamani 1970, Sanders 1984, Chen et al. 2005



Not dry baroclinic instability

6 W. R. Boos et al.

the EPV maximum of the depression at 500 hPa. The EPV
maximum located at the center of the depression (the strong
PV maximum in the northern Bay of Bengal shown in Fig.
5e) is clearly not generated by horizontal advection on an
isentropic surface.
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Figure 4. Composite mean EPV (colors) and potential temperature
(contours at 315, 320, 330, and 350 K). (Probably delete top panel since
don’t want to focus on genesis here.)

All of these characteristics of the EPV field confirm
that barotropic or baroclinic instability, in the absence of
diabatic processes, cannot be responsible for the growth
of Indian monsoon depressions. Even though the v field
exhibits an upshear tilt in the lower troposphere in the
early stages of the life cycle, no evidence for baroclinic
growth is seen in the EPV distribution. In particular, the
EPV of the storm does not grow in time because of
meridional advection along an EPV gradient (the modal
baroclinic instability described by Hoskins et al. 1985),
and the existence of a growing, spatially confined EPV
anomaly indicates that storm wind speeds do not grow
by superposition of EPV anomalies moving at different
velocities (e.g. nonmodal growth as described by Farrell
1988; Davis and Emanuel 1991; Morgan 2001). While it
may not be surprising that these dry dynamical instabilities
cannot account for depression growth, it is useful to have
conclusive evidence given that previous theoretical studies
have found the time mean Indian monsoon flow to be
barotropically (Lindzen et al. 1983) and/or baroclinically
unstable (Goswami et al. 1980b) in the absence of moist
processes. Again, we draw no conclusions about the
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Figure 5. Daily averaged EPV at 330 K from Sept. 11-15, 2009, at one-day
intervals.

relevance of dry barotropic or baroclinic instability to the
origin of the initial weak vortex (i.e. the genesis process).

Further insight on the relevance of baroclinic energy
conversions to the growth process can be obtained by
examining the time tendencies of storm available potential
energy (APE),

@AE

@t
= CA � CK +GE +AEB (5)

where AE is the storm APE and is proportional to the
spatial variance of temperature in the domain of the storm.
The conversion of zonal mean APE (i.e. that associated
with the background meridional temperature gradient) to

Copyright c� 2013 Royal Meteorological Society Q. J. R. Meteorol. Soc. 00: 1–10 (2013)
Prepared using qjrms4.cls
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FIG. 7. Top to bottom: ensemble mean meridional-centered PV averaged over two and one day before formation, followed by the first third,
second third and last third of the lifetime after formation. The statistically significant (at 1%) q0 (shaded, in 10�7 m2 K s�1 kg�1) is shown. The
PV field shows its deviation from the corresponding climatology. For contouring purposes PV values above 200hPa cannot exceed the absolute
value of the PV below it.

known about their generation process and intensification

mechanism. Here, in a comparative study, we have in-

vestigated these processes and, in particular, we examined

whether moist baroclinic instability is involve during the

early stages of development.

We explored two perspectives that can be used to iden-
tify the moist baroclinic instability process.

The first view emphasized the PV role by exploring the
interaction between dry and moist Rossby waves where
dry and pseudo PV gradients were the restoring mecha-
nisms. The second view emphasized the energy conver-

Downshear tilt of PV column in all phases of life 
cycle is inconsistent with moist baroclinic growth

anomalous PV (colors)	

mean zonal wind (vectors)
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FIG. 6. The Q-Th measure for different times during the evolution
of MDs, HUs and DRWs. Q is defined as the 29� ⇥29� center average
at 200-400 hPa over the positive w forcing. Th is defined as the dif-
ference between the 90th and 10th percentiles of the 700 to 1000 hPa
geopotential height.

changes with time for the different storm. The tilt metric:
“Tilt Degrees” (TD), is defined as the PV-centered longi-
tudinal difference between the top (200-500 hPa) and bot-
tom (600-900 hPa) levels. It is then multiplied by the sign
of the climatological vertical wind shear. Hence, TD is
defined as4

TD = Dl̃ ⇥ sgn(Du), where l̃ ⌘
R

q0+ldl
R

q0+dl
(18)

Here l is the longitude, q0+ denotes the positive deviated
PV and u the climatological zonal wind. The PV-scaled
longitude is denoted with l̃ . Therefore, positive TD values
signify that perturbation lean with the shear, while nega-
tive values signify that perturbation lean against the shear.
Figure 8 shows the kernel distribution of TD for the dif-
ferent storm as they evolve in time. It is easy to notice

4In addition, we require that at the top layer (200-500 hPa):R
q0+dld p > .3⇥PVU⇥4� ⇥ 200 hPa, where PVU=10�6 m2 K s�1

kg�1. This is to make sure that the tilt metric measures significant tilt
of at least 4 degrees.
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FIG. 8. The kernel distribution of TD [defined in (18)] for MDs, HUs
and DRWs as they evolve in time.

that DRWs develop (i.e. during the day before detection
and the first third of the development lifetime) in negative
TD environment, while HUs and MDs develop in zero TD
environment. It is only in the late stages that HUs develop
a negative TD environment. To check for the robustness
of the TD measure, we use a different definition (see Sup-
plementary material) and show, similarly, that DRWs are
developed while leaning against the shear while HUs and
MDs do not.

The development of 12 individual storms with signifi-
cant negative TD values (TD ⇡�4 during the first third of
development) are shown in the supplementary material to
the paper. This shows that it’s not only the ensemble mean
MD that don’t exhibit any tilt-against structure, but also
individual cases with significant negative TD values don’t.
In particular, any of individual MDs that exhibit negative
TD value at some time during the development, still don’t
exhibit a consistent negative value during the development
period.

5. Summary and Discussion

Monsoon depressions are synoptic scale low pressure
systems that develop during the monsoon seasons in trop-
ical regions. Severe precipitation in these storms causes
floods and great destruction in populous areas. Despite
been studied for over than five decades, only little is
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Propagation:  the puzzle

relative vorticity (colors, 10-4 s-1) and climatological 
zonal wind (contours, CI 2 m/s)
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Figure 2. a) Color shading shows the number of genesis points per square degree (roughly 12,000 km2) per summer season (June-Sept.), after smoothing with a Gaussian
filter. Vectors show the average propagation speed of MDs and are coarsened to a 2 ⇥ 2� grid for clarity; vectors are shown only if the mean zonal or meridional propagation
speed at each grid point is statistically significant at the 5% level by a two-tailed t-test. b) June-Sept. climatological mean vertical shear vector, defined as the 200 hPa -
850 hPa horizontal wind.

Given that the vector vertical wind shear (defined as the 200
hPa wind minus the 850 hPa wind) exhibits a smaller spatial
variability and points to the northwest almost nowhere in the
domain (Fig. 2b), the distribution of propagation vectors seems
inconsistent with the idea that MD propagation is primarily
controlled by quasigeostrophic ascent downshear of the vortex
center. However, time or vertical variations in the shear vector
could allow for different directions of propagation than might be
inferred from this seasonal mean 200-850 hPa shear. Alternatively,
other terms in the vorticity budget could produce storm motion
substantially different from that due to downshear stretching
alone; this would necessitate a different interpretation of the
propagation mechanism but might still be thought of as low-level,
quasigeostrophic control of storm motion. To resolve these and
related issues, we next examine in detail the dynamics of the low-
level vorticity maximum.

3.2. The relevance of low-level vortex stretching

The composite mean Indian MD consists of a column of positive
relative vorticity that has peak amplitude in the lower troposphere
and is contained almost entirely within the layer of climatological
mean eastward wind (Fig. 3). The zonal wind shown in Fig. 3 is
a storm-centered climatology obtained by sampling a daily zonal
wind climatology centered on each track position and then, as is
standard here, averaging first over all times in the middle third
of each storm’s track and then over all storms. This composite
confirms that the observed northwestward propagation is upstream
of the climatological mean flow in which the relative vorticity
structure is embedded.

Multiple studies have argued that quasigeostrophic lifting
downshear (i.e. west) of the low-level vortex center produces
vortex stretching that shifts the vortex to the west, as discussed
in the Introduction. However, the question of whether the
asymmetric distribution of ! about the vortex center can be
explained by quasigeostrophic lifting has been examined only in
individual case studies (e.g. Rao and Rajamani 1970; Daggupaty
and Sikka 1977; Saha and Chang 1983; Sanders 1984). Here we
examine the dynamics responsible for the horizontal distribution
of ! by using the full quasigeostrophic omega equation,
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where � = ⇢�1@p ln ✓, � is the meridional gradient of the Coriolis
parameter, and R is the gas constant. This is the so-called Q-vector
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Figure 3. The composite mean vertical component of relative vorticity (colors
shading, interval .1 ⇥ 10�4 s�1) and climatological mean zonal wind (contours,
interval 2 m s�1, dashed negative and zero contour in bold). The climatological
wind is a composite mean climatology relative to the storm center, as described in
the Methods section.

form given by Hoskins et al. (1978) and Bluestein (1992) and
includes terms associated with deformation and the gradient of the
Coriolis parameter that were omitted in (1). Instead of computing
Q and then its divergence, we use an approximate form of r ·Q
in which the irrotational part of the horizontal wind is neglected,
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Here ⇣ is the vertical component of relative vorticity,  is the
streamfunction of the horizontal wind, T is temperature, and all
horizontal derivatives are computed in spherical coordinates. This
form of r ·Q was used by Kiladis et al. (2006) in a study of
African easterly waves (also see discussion in Davies-Jones 1991).
The right-hand side of (3) was computed for every 6-hourly period
along the middle third of each MD track and then the composite
mean was taken (i.e. we did not compute r ·Q from composite
mean values of T , ⇣, and  ).

The dynamical forcing for vertical motion represented by
the right-hand side of (3) has a horizontal distribution that
qualitatively matches the distribution of ! (Fig. 4). The pressure
level of 775 hPa was chosen for this analysis because it is near
the level at which ascent has its peak amplitude in a mature
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propagation. Detailed examination of the vorticity budget reveals
a high degree of cancellation between vortex stretching, tilting,
and advection, making it difficult to attribute the northwest
propagation to any single process.

3.3. Invalidity of the quasigeostrophic approximation

Multiple previous studies have relied on quasigeostrophic models
to understand the dynamics of Indian MDs (e.g. Rao and Rajamani
1970; Keshavamurty et al. 1978; Sanders 1984). However, the
quasigeostrophic approximation requires a Rossby number much
less than unity, and this requirement does not hold for MDs. In
particular, the July 1979 depression shown in Fig. 1 has zonal
wind changing by 15 m s�1over a distance of about 200 km, and
thus has a Rossby number (U/fL) of about 1.8. If one instead
defines the Rossby number as the ratio of the vertical component
of relative vorticity to the Coriolis parameter, one obtains ⇣/f v 2
for the composite mean MD (e.g. Fig. 3).

The quasigeostrophic system has been known to help in
understanding dynamical phenomena even when it is not strictly
valid, but we show here that it provides a distorted view of
Indian MDs. Davis (1992) and Hakim et al. (1996) demonstrated
that quasigeostrophy may provide useful insight on the dynamics
of disturbances with Rossby number greater than unity if the
analogue of PV in the quasigeostrophic framework, the pseudo-
potential vorticity qp, closely resembles the EPV. As defined by
Charney and Stern (1962),

qp =
1
f0

r2�0 + f + f0
@

@p
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1
�

@�0

@p

◆
. (7)

where the geopotential anomaly �0 is defined as the deviation
from the annual mean geopotential height averaged over the entire
tropics (30�S-30�N), and the static stability � is also a pressure-
dependent tropical mean quantity. For the composite mean MD,
qp not surprisingly has a structure similar to that of the relative
vorticity, peaking in the lower troposphere and decaying strongly
with height above 700 hPa (Fig. 7). One might expect this column
of qp to be tilted by the vertically sheared mean flow and advected
to the east since it lies almost entirely within the low-level
eastward flow. Diabatic and mechanical forcings must provide the
qp tendencies needed to maintain an upright structure and produce
a northwestward propagation. Upward motion (black contours in
Fig. 7) is greatest west of the vortex center, and the abundant
precipitation known to occur in the ascent region of MDs might
provide the mid-tropospheric diabatic heating needed to shift the
qp column to the west.

However, the qp distribution differs greatly from the EPV
distribution. The composite mean EPV has a maximum centered
at 500 hPa and a weaker secondary maximum at about 700
hPa (Fig. 8). Although the vertical structure of the single MD
shown in Fig. 1 is less bimodal than the composite mean vertical
structure, that particular case still consists of a vertical column
of EPV with maximum amplitude in the middle troposphere.
Inspection of other MDs shows that many individual storms
do have bimodal EPV distributions. The mid-tropospheric EPV
maximum is associated primarily with horizontal variations in
static stability, as can be inferred from the warm-over-cold core
structure of MDs (e.g. Godbole 1977) and the bottom-heavy
distribution of relative vorticity (Fig. 3). In contrast, qp had a
bottom heavy distribution that decayed with height above 800 hPa.
The lack of a distinct qp maximum near 500 hPa is consistent with
the use of a horizontally invariant static stability in the definition
of qp. Together with the large Rossby number, this indicates that
quasigeostrophy likely provides a poor approximation to the full
dynamics of MDs. In particular, quasigeostrophy overemphasizes
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Figure 7. The quasigeostrophic pseudopotential vorticity, qp [colors, in PV units
(PVU), where 1 PVU = 10�6 K m2 kg�1 s�1] and the vertical velocity anomaly,
relative to a daily climatology (contours, solid contours show upward values,
interval 4 ⇥ 10�2 Pa s�1). The values of qp are scaled by �g@✓/@p evaluated
at 900 hPa. Values of qp below 900 hPa are not shown because of the vertical
differencing performed in computing this quantity.
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Figure 8. Composite mean Ertel’s potential vorticity (EPV, colors, units of PVU)
and a) 20-day smoothed zonal wind, b) total zonal wind. Black contours show the
zonal wind fields with negative values dashed, the zero contour in bold, and an
interval of 3 m s�1. The EPV field is identical in both panels.

the importance of low-level dynamics and neglects the strong mid-
tropospheric perturbations in MDs.

4. Results II: Potential vorticity dynamics

4.1. Adiabatic advection of mid-level potential vorticity

We now turn to examination of the EPV field since its relevance
to storm motion is not subject to the requirement of low
Rossby number. Furthermore, the EPV conservation equation
lacks the nonadvective source terms that exhibit a high degree
of cancellation in the relative vorticity budget; diabatic processes
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Figure 10. a) Total horizontal streamfunction at 500 hPa (contours, dashed
representing counterclockwise flow, with interval of 106 m2 s�1) and 500 hPa EPV
(color shading, interval 0.1 PVU starting at 0.7 PVU). b) As in (a) but for showing
the azimuthally asymmetric part of the streamfunction, with a contour interval of 5
⇥ 105 m2 s�1. The blue arrow in (b) is the total horizontal wind vector averaged
over a 2 ⇥ 2� box around the EPV maximum, the green arrow is the climatological
mean horizontal wind vector averaged over the same area, and the red arrow is the
storm propagation velocity.

from 600-850 hPa. The Eulerian EPV tendency consists of a
zonally oriented dipole that is consistent with the observed west-
northwestward propagation (Fig. 13). This matches the mid-level
Eulerian EPV tendency presented above and confirms that there
is little temporal change in the relative horizontal locations of
the EPV maxima at 700 hPa and 500 hPa. Horizontal advection
moves the low-level EPV maximum of this MD toward the north-
northwest. Diabatic and vertical advective tendencies combine to
move the EPV maximum toward the southwest. The net computed
tendency, i.e. the right hand side of (10), does not have as clear
of a dipole structure as the Eulerian tendency but is generally
consistent with motion to the west-northwest. Although the EPV
budget does not close as well in this lower-tropospheric layer as
it did in the middle troposphere, as might be expected due to
mechanical boundary layer processes, it is consistent with the
hypothesis that diabatic heating modifies the motion of the low-
level EPV anomaly. In other words, vertical advection and diabatic
heating combine to shift the low-level EPV maximum to the
southwest, while horizontal advection shifts it toward the north-
northwest. The net motion of the low-level EPV maximum to the
west-northwest is thus a superposition of these two effects.

Finally, we ask whether horizontal advection of the low-level
EPV maximum might arise in part from flow associated with the
mid-level EPV maximum. The composite mean MD tilts to the
southwest with height, so that the 500 hPa EPV maximum is
centered about 100 km southwest of the 700 hPa maximum (Fig.
14). The flow associated with an EPV feature extends vertically
beyond the levels occupied by the feature, and the vertical scale of

Figure 11. Time tendencies of EPV (colors, in PVU/day) for the Sept. 2008 Bay
of Bengal MD. All quantities are averaged vertically between 600 hPa and 350 hPa
and temporally between Sept. 15 and Sept. 18, centered on the storm center. The
EPV (black contours, 1.0 PVU interval) is shown for reference. a) The Eulerian
rate of change of EPV, b) the diabatic EPV tendency, c) the horizontal advective
tendency, d) the vertical advective tendency, and e) the sum of the diabatic and all
advective tendencies.

that flow is given by the Rossby penetration depth

H =
fL

N
, (11)

where L is the horizontal scale of the EPV feature and N is the
buoyancy frequency. For the 500 hPa EPV maximum, L ' 700 km
and N ' 0.014 s�1, which gives a penetration depth of 2.3 km, or
about 170 hPa. Flow associated with the 500 hPa EPV maximum
will thus make a negligible contribution to the surface wind, but is
expected to be associated with a cyclonic component of the total
700 hPa flow. From the relative position of the two maxima shown
in Fig. 14, the 500 hPa EPV maximum is expected to advect the
700 hPa maximum to the northwest, in nearly the same direction
as the total wind at the 700 hPa EPV center (cf. Fig. 12). Since the
700 hPa EPV maximum has a smaller horizontal scale as well as a
weaker amplitude, its influence on the motion of the 500 hPa EPV
field is expected to be much weaker. It may thus be misleading to
think of horizontal advection of the low-level EPV maximum as
being produced by a barotropic beta drift mechanism. Piecewise
inversion of the EPV field (e.g. Davis and Emanuel 1991) would
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Figure 10. a) Total horizontal streamfunction at 500 hPa (contours, dashed
representing counterclockwise flow, with interval of 106 m2 s�1) and 500 hPa EPV
(color shading, interval 0.1 PVU starting at 0.7 PVU). b) As in (a) but for showing
the azimuthally asymmetric part of the streamfunction, with a contour interval of 5
⇥ 105 m2 s�1. The blue arrow in (b) is the total horizontal wind vector averaged
over a 2 ⇥ 2� box around the EPV maximum, the green arrow is the climatological
mean horizontal wind vector averaged over the same area, and the red arrow is the
storm propagation velocity.

from 600-850 hPa. The Eulerian EPV tendency consists of a
zonally oriented dipole that is consistent with the observed west-
northwestward propagation (Fig. 13). This matches the mid-level
Eulerian EPV tendency presented above and confirms that there
is little temporal change in the relative horizontal locations of
the EPV maxima at 700 hPa and 500 hPa. Horizontal advection
moves the low-level EPV maximum of this MD toward the north-
northwest. Diabatic and vertical advective tendencies combine to
move the EPV maximum toward the southwest. The net computed
tendency, i.e. the right hand side of (10), does not have as clear
of a dipole structure as the Eulerian tendency but is generally
consistent with motion to the west-northwest. Although the EPV
budget does not close as well in this lower-tropospheric layer as
it did in the middle troposphere, as might be expected due to
mechanical boundary layer processes, it is consistent with the
hypothesis that diabatic heating modifies the motion of the low-
level EPV anomaly. In other words, vertical advection and diabatic
heating combine to shift the low-level EPV maximum to the
southwest, while horizontal advection shifts it toward the north-
northwest. The net motion of the low-level EPV maximum to the
west-northwest is thus a superposition of these two effects.

Finally, we ask whether horizontal advection of the low-level
EPV maximum might arise in part from flow associated with the
mid-level EPV maximum. The composite mean MD tilts to the
southwest with height, so that the 500 hPa EPV maximum is
centered about 100 km southwest of the 700 hPa maximum (Fig.
14). The flow associated with an EPV feature extends vertically
beyond the levels occupied by the feature, and the vertical scale of

Figure 11. Time tendencies of EPV (colors, in PVU/day) for the Sept. 2008 Bay
of Bengal MD. All quantities are averaged vertically between 600 hPa and 350 hPa
and temporally between Sept. 15 and Sept. 18, centered on the storm center. The
EPV (black contours, 1.0 PVU interval) is shown for reference. a) The Eulerian
rate of change of EPV, b) the diabatic EPV tendency, c) the horizontal advective
tendency, d) the vertical advective tendency, and e) the sum of the diabatic and all
advective tendencies.

that flow is given by the Rossby penetration depth

H =
fL

N
, (11)

where L is the horizontal scale of the EPV feature and N is the
buoyancy frequency. For the 500 hPa EPV maximum, L ' 700 km
and N ' 0.014 s�1, which gives a penetration depth of 2.3 km, or
about 170 hPa. Flow associated with the 500 hPa EPV maximum
will thus make a negligible contribution to the surface wind, but is
expected to be associated with a cyclonic component of the total
700 hPa flow. From the relative position of the two maxima shown
in Fig. 14, the 500 hPa EPV maximum is expected to advect the
700 hPa maximum to the northwest, in nearly the same direction
as the total wind at the 700 hPa EPV center (cf. Fig. 12). Since the
700 hPa EPV maximum has a smaller horizontal scale as well as a
weaker amplitude, its influence on the motion of the 500 hPa EPV
field is expected to be much weaker. It may thus be misleading to
think of horizontal advection of the low-level EPV maximum as
being produced by a barotropic beta drift mechanism. Piecewise
inversion of the EPV field (e.g. Davis and Emanuel 1991) would
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A big story:  declining storm count trends in India
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Supplemental Fig. 5: Sensitivity test for the synoptic KE count. Panel (a)
shows the summer mean synoptic KE storm count as a function the synoptic
KE threshold. The dashed lines correspond to the summer mean monsoon
depression in the Yale (blue) and IMD (red) datasets. The cross-cutting
points are used in panel (b) to tune the synoptic KE threshold to produce
KE count that will have the same summer mean as in the Yale and IMD
datasets. In panel (b) the tuned KE counts are shown in the dashed and
dotted black lines. For comparison we show also the original Yale and IMD
monsoon depression count. The nonlinear regression fits to the tuned KE
counts is also shown.
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Supplemental Fig. 6: Monsoon depression frequency over Bay of Bengal using
the IMD dataset (black) for 1891-2012, and its smoothed trend using 11-year
centered moving average (red).

first summers in   
> 100 years with 
no depressions!

Cohen & Boos 2014, GRL



But that record is missing some depressions
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Figure 3. Three monsoon depressions observed in the Yale and NYUAD datasets during the

summers of 2002, 2010 and 2012. In all panels storm tracks (from the Yale dataset) are shown

by blue lines with vortex center marked with a black star. Left column: ERA-Interim sea-level

pressure (in hPa) is shaded and black arrows show the ERA-Interim surface wind vector field.

Right column: SSM/I surface wind speed is shaded, while arrows show surface wind vector from

QuikSCAT (Fig. 3b) and WindSat (Figs. 3d and 3f) scatterometers. The thick magenta contour

shows the 40 mm day−1 daily TRMM precipitation. Precipitation, winds, and the vortex center

position are shown for the dates indicated above each panel.
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Figure 2. Linear regression and nonlinear Poisson regression fits [Solow and Moore, 2000;

Wilks , 2011] to the datasets presented in Figures 1b, 1c, 4c and 4d. Here, only the slope

coefficients (i.e. the gradient of the regression fits) are shown and error bars represent the

95% confidence interval for these coefficients. Units are year−1. More information, including the

y-intercepts, can be found in the supporting information to the text (Supplemental Table 1).

Linear regression was used for the summer mean KE, and Poisson regression for all other time

series.

D R A F T October 26, 2014, 9:22pm D R A F T

Trend estimates
19

79
-2

01
2 

tr
en

ds
19

89
-2

01
2 

tr
en

ds

scatterometer

the 
traditional 
datasets

(scatterometer)

Cohen & Boos 2014, GRL



Summary
• “Low pressure systems” (e.g. monsoon depressions) are very important, yet are 

poorly understood and little studied since 1980s	


• Steep downward trend reported in number of Indian monsoon depressions

We have shown:	


• Indian monsoon depressions propagate 
westward by beta drift (not by QG lifting in 
easterly shear)	


• PV structure is inconsistent with baroclinic 
instability/growth	


• There are problems with the only dataset 
that shows downward trend in depression 
counts

‣ There is great need for community assessments of monsoon synoptic 
variability in observations and models (both climate & NWP)

6 W. R. Boos et al.

the EPV maximum of the depression at 500 hPa. The EPV
maximum located at the center of the depression (the strong
PV maximum in the northern Bay of Bengal shown in Fig.
5e) is clearly not generated by horizontal advection on an
isentropic surface.
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Figure 4. Composite mean EPV (colors) and potential temperature
(contours at 315, 320, 330, and 350 K). (Probably delete top panel since
don’t want to focus on genesis here.)

All of these characteristics of the EPV field confirm
that barotropic or baroclinic instability, in the absence of
diabatic processes, cannot be responsible for the growth
of Indian monsoon depressions. Even though the v field
exhibits an upshear tilt in the lower troposphere in the
early stages of the life cycle, no evidence for baroclinic
growth is seen in the EPV distribution. In particular, the
EPV of the storm does not grow in time because of
meridional advection along an EPV gradient (the modal
baroclinic instability described by Hoskins et al. 1985),
and the existence of a growing, spatially confined EPV
anomaly indicates that storm wind speeds do not grow
by superposition of EPV anomalies moving at different
velocities (e.g. nonmodal growth as described by Farrell
1988; Davis and Emanuel 1991; Morgan 2001). While it
may not be surprising that these dry dynamical instabilities
cannot account for depression growth, it is useful to have
conclusive evidence given that previous theoretical studies
have found the time mean Indian monsoon flow to be
barotropically (Lindzen et al. 1983) and/or baroclinically
unstable (Goswami et al. 1980b) in the absence of moist
processes. Again, we draw no conclusions about the
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Figure 5. Daily averaged EPV at 330 K from Sept. 11-15, 2009, at one-day
intervals.

relevance of dry barotropic or baroclinic instability to the
origin of the initial weak vortex (i.e. the genesis process).

Further insight on the relevance of baroclinic energy
conversions to the growth process can be obtained by
examining the time tendencies of storm available potential
energy (APE),

@AE

@t
= CA � CK +GE +AEB (5)

where AE is the storm APE and is proportional to the
spatial variance of temperature in the domain of the storm.
The conversion of zonal mean APE (i.e. that associated
with the background meridional temperature gradient) to
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composite mean potential vorticity (colors), 
potential temperature (contours)


